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1. Introduction
Rheological or strength profiles, sometimes also called yield 
strength envelopes, represent the critical stress conditions 
that rocks can support as a function of depth (and implicitly 
of temperature) along a 1D vertical profile (Goetze and 
Evans, 1979; Brace and Kohlstedt, 1980). The transition 
from a brittle behaviour in the upper portion of the profile 
to a mainly plastic one underneath is usually indicated as 
brittle-ductile transition (BDT) (Scholz, 1988) or brittle-
plastic transition (BPT) (Rutter, 1986). This rheological 
boundary, even though not strictly corresponding to the 
seismic-aseismic transition, can give reasonable insight on 
the thickness of the seismogenic layer (Sibson, 1977, 1982) 
and hence on the maximum possible width of seismogenic 
sources, which also strongly constrains the maximum 
magnitude that could affect a region (e.g., Doglioni et al., 
2015; Petricca et al., 2015). Providing a contribution on 
the above issues and particularly on the reconstruction 

of the BDT for a large sector of the Hellenides represents 
the major goal of the present research, which could also 
foster our understanding of the seismotectonics of the 
Aegean Region (Figure 1). Thanks to the reconstruction 
of several transects, across both the continental collision 
and the subduction zone, we also aim at emphasizing the 
differences in rheological behaviour in the two geodynamic 
settings, using the Hellenides and the Hellenic Arc as a 
case study.

The brittle behaviour is usually modelled as frictional 
sliding (Sibson, 1977; Ranalli, 1995), while the main 
deformation mechanism assumed for the plastic behaviour 
is the power-law dislocation creep. In terms of geological 
record, brittle deformation is typically associated with 
fractures (either extensional or shear ones), with the 
corresponding fault rocks, commonly referred to as 
cataclasites (after Sibson, 1977, 1982), being formed by 
mechanical abrasion processes, like comminution and 
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wearing. On the other hand, ductile deformation along 
shear zones produces mylonites (Sibson, 1977, 1982) 
that are in general associated with small-scale folding 
and pervasive foliation. Around the BDT depth other 
deformation mechanisms may intervene, such as pressure-
solution, recrystallization, and alternating brittle and 
ductile processes.

Although more complex strength profiles with more 
than one BDT are possible, for the aims of the present 
paper devoted to crustal seismotectonic applications, we 
focus on the shallowest BDT, which usually occurs between 
10 and 20 km (Sibson, 1982; Scholz, 1988), though locally 
deeper (35–40 km). On the other hand, the occurrence 
of a second deeper brittle layer is unlikely to produce a 
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Figure 1. Geodynamic sketch map of the broader Aegean region. Both composite and individual seismogenic sources (CSS 
and ISS, respectively) from GreDaSS (Caputo et al., 2012) are represented as well as the traces of the transects generated by 
interpolation of densely spaced 1D rheological profiles. CTF indicates the Cephalonia Transform Fault. Seismicity from NOA 
catalogue (NOA, 2017). Inset map shows the location of the investigated area.
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significant increase of the seismic hazard, either because 
at deeper conditions rock strength is far greater than the 
applied tectonic stresses (in this case, no seismicity at all 
would occur; e.g., Jackson et al., 2008; Chen et al., 2013) 
or because the thickness of these deeper brittle layers is 
commonly reduced (in the order of a few kilometres) 
and therefore their seismogenic potential is limited. 
Additionally, in the case of a very deep seismic rupture, 
say between 50 and 100 km, at events of magnitude 
comparable to shallow ones, it would be associated with 
a greater geometric and intrinsic (anelastic) attenuation of 
the released seismic waves and hence a reduced shaking 
effect at the surface.

We are also well aware that along the Hellenic Wadati-
Benioff zone, at even greater depths (100–200 km), strong 
events could occur (e.g., Caputo et al., 1970; Makropoulos 
and Burton, 1984; Papazachos, 1990), but they are far 
beyond the scope of this paper. However, the role of the 
subduction zone in generating a thermal anomaly in 
the upper plate, thus strongly influencing its rheological 
behaviour, was not ignored in this research and for this 
reason the numerical modelling has been extended 
deeper (up to 100 km), though discussion is limited to the 
shallowest 40–50 km.

We selected the Aegean Region as our study area since 
it represents an ideal candidate for applying rheological 
modelling results to seismotectonic issues for several 
reasons (Figure 1). Firstly, the Aegean realm presents a 
large spectrum of tectonic regimes (tensile, compressional, 
transcurrent) and examples of related active structures 
can be easily found and tested. Secondly, a fair amount 
of geological (Doutsos et al., 2006; Mountrakis, 2006) 
and geophysical data is available for the crustal structure 
(Sodoudi et al., 2006; Makris et al., 2013; Grigoriadis et al., 
2016), as well as for the deformation rates (e.g., Hollenstein 
et al., 2008; Kreemer et al., 2014). Thirdly, the high seismicity 
rate that characterizes the Aegean Region allows for the 
recording of robust and independent seismological data 
(relocated earthquakes depths, focal mechanisms, spatial 
distribution of seismicity, etc.; Hatzfeld et al., 1995; Resor 
et al., 2005; Kassaras et al., 2016; National Kapodistrian 
University of Athens), which, together with additional 
geophysical constraints (e.g., gravimetry and receiver 
functions for determining the crustal structure; Tiberi et 
al., 2001; Tirel et al., 2004; Zelt et al., 2005; Sodoudi et al., 
2006; Makris et al., 2013; Kind et al., 2015; Grigoriadis et 
al., 2016; Sachpazi et al., 2016, among others) can be used 
for comparison with the rheological modelling results.

2. Tectonic setting
The Aegean Region is one of the most tectonically and 
seismically active areas in the world, where several 
microplates, mountain belts, and geological structures 

play a significant role. The investigated area (Figure 1) 
is embraced, from the west, by the continental Apulian 
microplate and the oceanic sector of the Nubian plate; 
their relative convergence with the Aegean microplate 
generated the Hellenides-Albanides fold-and-thrust belt 
and the Hellenic subduction zone; these two contractional 
domains are separated by the dextral Cephalonia 
Transform Fault. From the east, the area is characterized 
by the westwards motion of the Anatolian microplate, 
which is governed by the dextral North Anatolian Fault 
Zone merging into the North Aegean Trough. In between, 
most of continental Greece and the Aegean Sea are affected 
by a regional lithospheric stretching.

Apulia is commonly considered as a promontory of 
the African plate and it is currently moving to the NNE at 
rates of about 4 mm/a with respect to Eurasia according to 
GPS-derived measurements (e.g., D’Agostino et al., 2008; 
Nocquet, 2012; Devoti et al., 2014). The Hellenides are the 
result of the progressive convergence between Gondwana 
and Eurasia since Mesozoic times. This process has led 
to the nappe stacking of the interposed microcontinents 
and oceanic basins characterizing the Neo-Tethyan ocean 
(e.g., Şengör, 1985; Dercourt et al., 1986; Robertson et al., 
1991; Papanikolaou, 2013). As a result, tectonic transport 
and imbrication has occurred with the diachronic 
involvement of progressively more external terranes 
towards the S-SW and the associated development and/or 
rejuvenation of contractional, NW-SE striking structures 
(e.g., Jacobshagen, 1986; Mountrakis, 2006; Papanikolaou, 
2013). The same orogenic process is deemed to have 
continued eastwards into the Anatolian region, forming 
the Pontides and the Taurides belts (e.g., Sengor and 
Yilmaz, 1981; Robertson and Dixon, 1984; Mountrakis, 
1986).

Along the Albanian and northwestern Greek sectors, 
subduction ended in the late Eocene-early Oligocene 
(Royden and Papanikolaou, 2011), replaced by a slow 
(~5 mm/a) continental collision persisting until present. 
In contrast, south of the Cephalonia Transform Fault, 
oceanic subduction of the Nubian plate evolved to form 
the present-day Hellenic Arc associated with a huge 
low-angle, fast-growing accretionary wedge (Eastern 
Mediterranean Ridge; e.g., Kopf et al., 2003; Yolsal-
Çevikbilen and Taymaz, 2012).

In the back-arc region widespread extension associated 
with the back-arc effect and the postorogenic collapse 
(Mercier et al., 1989; Caputo and Pavlides, 1993) began 
in late Eocene-early Oligocene in the Internal Hellenides 
(Circum-Rhodope and Axios-Vardar zones) and 
progressively later in more external (Pelagonian, Pindos, 
Ionian) zones (Mountrakis, 2006). However, the onset of 
the current stress field for the broader Aegean Region can 
be traced back to Middle Pleistocene times (Mercier, 1976; 
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Le Pichon and Angelier, 1979; Mercier et al., 1989; Caputo 
and Pavlides, 1993) and it is characterized by an almost 
N-S minimum stress (σ3) direction, with a slight rotation 
of the trajectories towards the NNW-SSE in northwestern 
Greece. The current N-S crustal stretching, which is 
greatest in the Corinth Rift (15 mm/a; Briole et al., 2000; 
Avallone et al., 2004; Caputo et al., 2012), is likely due to 
an accelerated slab roll-back along the Hellenic Arc (e.g., 
Faccenna et al., 2014).

At the boundary between the internal extensional realm 
and the external region mainly undergoing compression, 
such as close to the Greece-Albania-North Macedonia 
border and in southern Peloponnesus, a local rotation of 
the stress trajectories is observed. Indeed, N-S to NNW-
SSE striking dip-slip normal faults characterize the areas 
around Ohrid and Korce to the north and Kalamata and 
Sparta to the south, documenting an E-W to WSW-ENE 
extension, as clearly confirmed by seismological (Lyon-
Caen et al., 1988; Muço, 1994), geological (Armijo et al., 
1992; Reicherter et al., 2011), and geodetic (e.g., Pérouse et 
al., 2012; Vernant et al., 2014) data and observations (see 
also Caputo and Pavlides, 2013).

An additional element to take into account for the 
tectonics of the Aegean Region is the propagation of the 
dextral, strike-slip North Anatolian Fault Zone into the 
Aegean Sea (McKenzie, 1972; Taymaz et al., 1991; Jackson, 
1994; Taymaz et al., 2004), where it merges into the North 
Aegean Trough (Taymaz et al., 1991; Koukouvelas and 
Aydin, 2002), characterized by a transtensional regime. 
Such a dextral shear motion across the Aegean Region 
likely started in the Early Pliocene (Armijo et al., 1996).

To summarize, the current kinematic framework 
and tectonic setting of the broader Aegean Region result 
from the complex and diachronic interplay of three main 
geodynamic processes: i) the subduction/collision of the 
Nubian and Apulian plates; ii) the slab roll-back and sinking 
of the northward dipping Tethyan oceanic lithosphere and 
the consequent back-arc extension affecting the upper 
plate; and iii) the westward motion of the Anatolian block.

3. Thermo-rheological modelling for oceanic and 
continental lithosphere
For the purpose of thermo-rheological modelling we 
used the simplified approach first proposed by Brace and 
Kohlstedt (1980) and then widely applied in the literature 
(e.g., Ranalli and Murphy, 1987; Ranalli, 1995). Such a 
method consists of taking into account only the frictional 
sliding deformation mechanism and the dislocation creep 
one, corresponding to the brittle and the ductile behaviour, 
respectively. On the resulting rheological 1D log (Figure 
2) the (increasing) depth is on the vertical axis, while the 
abscissa represents the strength of the rocks expressed as 
maximum supported differential stress. The shape of the 

strength envelope is determined (at 100-m vertical steps) 
by the lesser between the brittle and the ductile strength. 
The constitutive equation for the frictional sliding 
mechanism is (Sibson 1977):

Δσc = a . p . g . z . (1 -λe)	 (1)
where Δσc is the differential stress [Pa], α is the so-called 
tectonic parameter depending on the orientation of 
the principal stress axes, ρ is the density [kg m–3] of the 
overlying rocks averaged over the depth, g is the gravity 
acceleration [m s–2], z is the depth [m], and λe is the 
Skempton coefficient, which represents the ratio between 
pore fluid pressure and hydrostatic pressure. Such an 
equation linearly correlates the strength with the confining 
pressure (as far as pressure linearly increases with depth) 
and also makes explicit the dependence of the strength on 
the fluid pressure. As a general rule, the greater the pore 
fluid factor is (i.e. the greater the fluid pressure), the lower 
the shear strength will be, as fluid overpressure causes the 
well-known effect of diminishing the effective normal 
stress that can be supported before reaching the critical 
shear resistance. The tectonic parameter α also plays a 
major role in the resulting strength, as far as greater values 
in rock resistance are associated with compressive regimes 
with respect to tensional ones. Both the pore fluid factor 
λe and the tectonic parameter α also affect the resulting 
BDT depth as a direct consequence of their influence on 
the strength (Figure 2). Indeed, a lower strength gradient 
associated with the brittle behaviour translates into a 
deeper intersection with the power-law creep curve. 
This is the case, for instance, for normal-faulting regimes 
characterized by low strength values but a relatively deeper 
BDT.

The equation for the ductile behaviour is the one 
representing the dislocation creep mechanism, commonly 
referred to as power-law creep (Ranalli, 1995):
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where έ is the strain rate [s–1], A the power-law parameter 
[Pa–n s–1], n the power-law exponent, E the activation 
energy [J mol–1], R the Boltzmann constant, and T is the 
temperature [K], which is a function of depth (z). As can 
be observed from Equation (2), dislocation creep has 
a strong dependence on the geothermal gradient and 
therefore the calculation of the geotherm is a crucial issue 
for rheological modelling.

The theoretical models for the temperature gradient 
are conceptually different for oceanic and continental 
lithosphere, since independent and different processes and 
sources of heat transfer characterize the two lithospheric 
end-members. The geotherm of the oceanic lithosphere is 
strictly dependent on its cooling age and tends to diminish 
with time until it reaches a steady-state equilibrium, as 
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indicated by several models (e.g., McKenzie et al., 2005). 
On the contrary, the temperature at depth in the continental 
lithosphere is not just a function of the terrane/platform/
plate formation age, but it also strongly depends on the 
tectonic evolution and, above all, on the occurrence of 
radioactive elements in the crust, which is clearly related to 
the lithological composition (see, for instance, Chapman, 
1986; Beardsmore and Cull, 2001 among others). 
Accordingly, the geothermal gradient in the continental 
lithosphere is the result of the contributions of a greater 
number of factors and consequently it could show some 

heterogeneity and variability even at the local scale. The 
equation for the calculation of the temperature at depth is 
the steady-state 1D conductive law from Cermak (1982):
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where T(z) is the temperature [K] at depth z, T0 is the 
temperature at the top of the considered layer, q0 is the 
surface heat flow density [W/m2], A0 is the radioactive 
surface heat production [W/m3], D is an exponential 
decay constant that is also called characteristic depth 

80

70

60

50

40

30

20

10

0

80

70

60

50

40

30

20

10

0

de
pt

h 
[k

m
]

strength [GPa]temperature [°C]
2.01.51.00.501000

m
an

tle
lc

uc

β = 0

β = 0.5

β = 1

260 mW/m

80

70

60

50

40

30

20

10

0

80

70

60

50

40

30

20

10

0

strength [GPa]temperature [°C]
2.01.51.00.501000

m
an

tle
lc

uc

λ  = 0.2
eλ  = 0.4

eλ
 = 0.6

e

260 mW/m

80

70

60

50

40

30

20

10

0

80

70

60

50

40

30

20

10

0

de
pt

h 
[k

m
]

2.01.51.00.501000

m
an

tle
lc

uc

β = 0

β = 0.5

β = 1

280 mW/m

80

70

60

50

40

30

20

10

0

80

70

60

50

40

30

20

10

0

2.01.51.00.501000

m
an

tle
lc

uc

λ  = 0.2
eλ  = 0.4

eλ
 = 0.6

e

280 mW/m

Figure 2. Examples of rheological profiles showing the effects on the strength envelopes of the pore fluid pressure ratio, λe (left 
graphs), and tectonic parameter (stress ratio), β (right graphs), in two different geological settings characterized by high (top 
graphs) and low (bottom graphs) heat flow values. Dashed lines represent the theoretical brittle and ductile curves. In each diagram 
the temperature gradient is represented in the left part.
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and has the dimensions of a length [m], and k is the 
thermal conductivity [W/m K]. Such an equation takes 
into account the radiogenic heat production, which is an 
exclusive feature of the continental lithosphere, and it is 
therefore suited to the thermal modelling of such settings. 
In the case of the oceanic lithosphere the contribution of 
the radiogenic heat production is negligible and therefore 
Equation (3) could be simplified as follows:
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The differences in thermal modelling for oceanic and 
continental lithosphere are also obviously reflected in the 
resulting strength envelopes. For example, a typical oceanic 
profile exhibits a single BDT usually occurring in the upper 
mantle, with the whole thin oceanic crust behaving in a 
brittle fashion. On the contrary, the continental lithosphere 
could exhibit profiles with different geometries. In all of 
them, however, at least the shallowest BDT occurs in the 
crust, and the upper mantle could behave in a brittle or 
ductile manner mainly according to the overall thermal 
gradient.

As mentioned above, this research is devoted to 
investigating the crustal seismotectonics and therefore the 
modelling and the discussion of the results will focus on the 
shallowest BDT and its properties. In order to define this 
transition, in the event that a deeper second brittle layer 
occurs, it is assumed that an interposed ductile layer with 
a thickness of at least 0.5 km is sufficient to mechanically 
decouple the two brittle layers in terms of seismogenic 
behaviour and hence seismic potential. In other words, a 
0.5-km-thick interposed ductile layer could be considered 
an adequate ‘obstacle’ for hindering the propagation of a 
coseismic rupture from one brittle layer to another one 
along a hypothetical fault (Rolandone et al., 2004; Beeler 
et al., 2018), thus making the two hypothetically aligned 
segments independent of each other in seismological 
terms.

4. Rheological transects: data and methods
In order to realize the rheological transects, as many as 
possible literature data from different studies, methods, 
and sources for defining the values of the input parameters 
of the constitutive rheological equations have been 
collected. Whenever possible, data from more than one 
author or working group and from different scale studies 
have been considered for each input parameter.

For both overriding and undergoing plates, four 
lithological/mechanical layers have been assumed, 
consisting of sedimentary cover, upper crust, lower 
crust, and upper mantle. The crustal structure, prevailing 
lithology, and thickness of the above layers have been 
retrieved mainly from regional-scale studies based on 
different and integrated geophysical data and methods, 

such as gravimetry, seismic reflection and refraction 
profiles, tomographic inversions based on P and S seismic 
waves arrival times, or receiver functions analyses (Tiberi 
et al., 2001, Tirel et al., 2004; Zelt et al., 2005; Sodoudi et 
al., 2006; Makris et al., 2013; Kind et al., 2015; Grigoriadis 
et al., 2016; Sachpazi et al., 2016, among others). From 
the analysis of these studies it can be observed that the 
deepest Moho discontinuity occurs in the axial zone of 
the Hellenides fold-and-thrust belt with maximum values 
reaching 40–45 km of depth. On the contrary, the stretched 
lithosphere of the Northern Aegean and the Hellenic Arc 
are characterized by a noticeably thinned continental 
crust, with the Moho being as shallow as 18–20 km in 
correspondence to the Cycladic core complex.

As concerns the subdivision into upper and lower 
crust, no regional scale information on the Conrad 
transition depth is available for the study area. Moreover, 
the Conrad discontinuity is not as easily detectable by 
geophysical techniques as the Moho surface, is likely not 
continuous laterally, and is not unanimously considered 
by the scientific community as the effective transition 
between the upper and lower crusts, since its physical 
meaning is not always clear and it may therefore be related 
to other variations than lithological ones. Accordingly, 
the upper-lower crust transition and consequently the 
thickness of these two layers have been assigned following 
the global-scale estimates of the lower-to-total crystalline 
crust thickness ratio proposed by Rudnick and Fountain 
(1995) and Rudnick and Gao (2003), which is ca 0.4–0.45 
(Figure 3).

Finally, for the geometry of the Wadati–Benioff plane 
used for estimating the thermal anomaly, the recent model 
proposed by Bocchini et al. (2018) has been adopted. The 
model is based on seismic and geophysical data and it is 
in line with the results of the receiver function analysis 
carried out by Sachpazi et al. (2016).

The lithologies for the different crustal and lithospheric 
layers have been selected on the basis of the long-lasting 
tectonic and structural evolution of the Aegean region. 
We also took into account dedicated palaeogeographic 
reconstructions from Mountrakis (2006), Ring et al. (2010), 
and Papanikolaou (2013) and continental-scale works 
on lithospheric lithologies such as those of Tesauro et al. 
(2008) and Tesauro (2009). Limestone and metasediments 
have been selected as the representative lithologies for 
the sedimentary cover layer (SD in Figure 3); the upper 
crust of the Aegean plate and Apulian continental block 
corresponds to a quartzite lithology (UC1 in Figure 
3), while for the Nubian plate a more realistic diabase 
lithology has been assumed (UC2 in Figure 3). The lower 
crust in the Aegean plate has been associated with a diorite 
lithology (LC1 and LC2 in Figure 3) and the upper mantle, 
for both Aegean and Nubian plates, with a peridotite (UM 
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Figure 3.  Lithospheric stratigraphy used for the rheological modelling of transects B, E, G, and H (see Figure 1 for locations). Layers 
labelling: SD = sedimentary rocks; UC = continental upper crust; LC = continental lower crust; OC = oceanic crust; UM = upper mantle; 
index ‘1’ and ‘2’ refer to the Aegean microplate and Ionian/Nubian plate, respectively. See text for the numerous references considered 
to draw the lithospheric layering and Table 1 for the corresponding parametric values.
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in Figure 3). Some exceptions to these choices occur in the 
region east of Thessaloniki, around the Mygdonia Graben, 
where granitoid intrusions are largely mapped, suggesting 
the use of granodiorite as a more proper representative 
lithology for the upper crust. All the values for the thermo-
rheological parameters (power-law parameter, power-law 
exponent, activation energy, thermal conductivity, and 
radiogenic heat production) of the selected lithologies are 
reported in Table 1, where the selected values come from 
experimental, analogue, modelling, and review papers 
provided by many authors.

The strain rate distribution (Figure 4a) has been 
averaged from a wealth of geodetic-based investigations 
(Hollenstein et al., 2008; Floyd et al., 2010; Muller et al., 
2013; Kreemer et al., 2014). In the broader Aegean region, 
the highest rates are observed around the Cephalonia 
Transform Fault, in the Corinth Rift, and along the North 
Aegean Trough, as well as along the Hellenic Trench south 
of Crete, with maximum values being up to ~2.0–2.5 × 
10–14 s–1. Lower values, in the order of 10–16 s–1, characterize 
the central and southern Aegean Sea regions, while 
continental Greece and Peloponnesus are deforming at 
intermediate rates of between roughly 1.0 × 10–15 and 5 × 
10–15 s–1 (Figure 4a).

Regarding the surface heat flow (Figure 4b), both local 
and regional scale studies based on point observations 
and areal interpolation have been considered (Fytikas 
and Kolios, 1979; Hurter and Haenel, 2002; Cloetingh et 
al., 2010). Special care has been devoted to averaging and 
smoothing the different heat flow maps provided by the 
authors, given the primary influence of this parameter 
on the resulting thermal regime and related rheological 
modelling. All the literature sources indicate that the 
highest heat flow values occur along the Hellenic volcanic 
arc and in the central Aegean-western Anatolia. On the 
contrary, low values characterize the outer portion with 
respect to the Hellenic subduction zone and western 
continental Greece (Figure 4b).

For the friction coefficient parameter, a reference value 
of 0.6 has been selected, which is consistent with the classic 
experiments and review of Byerlee (1968, 1978), and it lies 
in the interval (0.5–0.8) of the most common values also 
proposed by Ranalli (1995). In order to account for a lower 
coupling along major active faults, we assigned slightly 
lower values down to 0.5 in correspondence to the main 
seismogenic sources (from the GreDaSS database; Caputo 
et al., 2012; Caputo and Pavlides, 2013) crossed by our 
transects. Such a choice is based on the higher wearing, 
comminution, abrasion, and mineralogically related 
weakening that occur on seismic shear zones and faults, 
as documented by, e.g., Collettini and Holdsworth (2004), 
Chiaraluce et al. (2007), Middleton and Copley (2014).

Regarding the pore fluid factor, a standard ‘hydrostatic’ 
value of 0.4 for the Skempton coefficient has been assumed. 
For peculiar tectonic and geodynamic settings, such as 
the accretionary prism in the western portion of the 
study area (Figure 1) and the region around the volcanic 
arc, we selected slightly higher values up to 0.5. These 
geological scenarios are likely caused by fluid migrations 
along preferential pathways such as detachment and flat-
ramp thrusts, sediment compaction, limited seepage and 
consequent overpressures within the accretionary wedge, 
water release through mineralogical reactions in the 
mantle wedge beneath the volcanic arc region, etc.

Once numerical values were assigned to all parameters 
for each of the selected sites along the transects, a 
systematic methodological workflow was followed. Firstly, 
based on Equations (1) to (3), the 1D strength envelope was 
produced by means of a purposely developed MATLAB 
code (academic license, number 1080014), allowing to 
calculate along depth the temperature distribution as well 
as the brittle and ductile strengths. As mentioned above, 
the thermal perturbation in the upper plate, resulting from 
the cooling effect of the down-going lithospheric slab, has 
also been included in the MATLAB code as a function of 
the distance from the Wadati–Benioff zone.

Table 1. List of parameters used in the rheological modelling for the different lithologies. Values are from Brace 
and Kohlstedt (1980), Tullis and Yund (1980), Chopra and Paterson (1981), Shelton and Tullis (1981),  Çermak 
and Rybach (1982), Hansen and Carter (1982), Kirby (1985), Doser and Kanamori (1986), Carter and Tsenn 
(1987), Kirby and Kronenberg (1987), Ranalli and Murphy (1987), Olhoeft and Johnson (1989), Ranalli (1995), 
Vilà et al. (2010), and Turcotte and Schubert (2014).

Lithology Layer A
[MPa–n s–1] n E

[J/mol]
K
[W/m K]

A0
[W/m3]

ρ
[kg/m3]

Metasediments SD1, SD2 5.0 × 10–6 3.0 1.9 × 105 3.3 1.84 × 10–6 2650
Quartzite dry UC1 6.7 × 10–6 2.4 1.56 × 105 3.0 1.84 × 10–6 2650
Diorite wet LC1 3.2 × 10–2 2.4 2.12 × 105 2.91 8.62 × 10–7 2840
Diabase wet LC2 2.0 × 10–4 3.4 2.6 × 105 2.64 3.45 × 10–7 2920
Dunite wet UM1, UM2 2.0 × 103 4.0 4.71 × 105 / / 3350
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Figure 4. Distribution of strain rate (a) and surface heat flow (b) for the investigated area. The former map is obtained by averaging the 
results from several geodetic investigations (Hollenstein et al., 2008; Floyd et al., 2010; Muller et al., 2013; Kreemer et al., 2014), while 
the latter is from local- and regional-scale studies (Fytikas and Kolios, 1979; Hurter and Haenel, 2002; Cloetingh et al., 2010).
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The frictional and creep strengths are thus calculated 
and compared all along the vertical axis and the smaller 
value among the two is assumed as the maximum shear 
strength at any given depth. The vertical step for the 
iteration of the calculations is 100 m, while the total depth 
covered for each profile is 100 km. The latter choice has 
been discussed in a previous section while the former 
represents a reasonable compromise between a useful 
vertical resolution and computer running time. The 
intersection between the brittle and the ductile curves 
determines the BDT depth for each profile. As previously 
discussed, in the case of the occurrence of a second deeper 
brittle layer, the interposed ductile layer is considered to be 
effective in seismically decoupling the two layers only if it 
attains a minimum thickness of 0.5 km.

The above procedure has been systematically applied to 
numerous closely spaced sites (mean interdistance of about 
10 km) aligned along eight rheological transects across the 
Aegean region (Figure 1). With the aim of including in 
our modelling the peculiarities of each site and hence the 
lateral variations occurring in the Aegean region in terms 
of lithological vertical stratification, heat-flow, pore fluid 
pressure, and tectonic setting, we took particular care in 
the selection of all relevant parameters representative of 
the specific vertical.

In order to investigate both continental collision and 
subduction, two sets of three transects have been designed, 
respectively, from western offshore Corfu Island (western 
Greece) to Central Macedonia, Greece, and from offshore 
SW Peloponnesus to Attica (Figure 1). Two additional 
transects were designed roughly parallel to the Hellenides 
fold-and-thrust belt in order to cross the two former sets; 
one runs in an offshore external position and the other 
from Epirus to Peloponnesus (Figure 1). The crosscutting 
geometry of the transects has been purposely designed 
for two reasons: i) intersection points allow to check 
the consistency between the crossing 2D models and 
ii) they provide a 3D glimpse of the thermo-rheological 
characteristics of the investigated region. Transversal and 
longitudinal transects have a total length of ~430 and 450 
km, respectively. The geological sections, represented 
in Figure 3, clearly show the lateral variability of the 
lithospheric structure along the selected transects in terms 
of lithology and thickness of all assumed layers.

In a third working phase, the interspaced 1D logs of ca. 
10 km of both strength and temperature were then laterally 
interpolated for each transect by applying a linear method, 
which better honours the vertical modelling results for 
each site. Topography and bathymetry at each interpolated 
site have been obviously considered. Following this 
approach, pseudo-2D sections are thus obtained, showing 
both vertical and lateral variations of the rheological 
parameters and particularly of the BDT depth and the 
corresponding strength and temperature.

5. Results of the rheological modelling
The results of the 1D numerical modelling and the 
subsequent 2D interpolations are shown in Figures 5 to 
8. In each figure, the three plots respectively represent 
the BDT depth (a), the strength at the BDT (b), and the 
temperature at the BDT (c). For each graph, the black dots 
indicate the calculated values along the numerous vertical 
1D profiles, while the coloured curves indicate their lateral 
interpolation. Intersections with the other profiles are also 
shown at the top of the figures. In panel (a) of Figures 5 
and 6, the detachment surface separating the two plates is 
also represented for reference.

As concerns the three northern transects, the BDT in 
the westernmost 100–120 km ranges at depths between 30 
and 33 km (Figure 5a) within the lowermost portion of the 
Apulian microplate crust (Figure 3a). Due to the overall 
bending of the lower colliding plate, it progressively 
deepens eastwards to maximum depths of ca. 53 km. 
Although such a rheological transition continues further 
deep in the lower plate, a shallower BDT occurs in the 
crust of the upper plate in correspondence to Epirus 
and this rheological setting characterizes the northern 
transects up to their eastern termination. This shallow 
BDT occurs at depths varying from 25 to 30 km, to the 
west, shallowing eastwards up to 20 km in correspondence 
to Western Macedonia and reaching 15–18 km in the 
easternmost sector of the transects close to Thessaloniki. 
It should be noted that in a region between km 300 and 
370 of the transects (Figure 5a), the shallow BDTs are at 
slightly greater depths (ca. 25 km). This local deepening 
is mainly associated with a decrease of the heat flow and 
consequently the geothermal gradient in that area (Figure 
4a). Indeed, lower temperatures at comparable depths 
cause an increase of the ductile strength and therefore a 
deepening of the BDT. Since the area with a relatively low 
heat flow has an oblique trend with respect to the transects, 
this feature actually appears at the km 270 in transect A, 
and only at km 330 in transect C.

As regards the strength at the BDT, a very similar trend 
to the one observed for the BDT depths is followed (Figure 
5c). Indeed, the strengths for the three profiles tend to be 
steadily between 1000 and 1050 MPa in the western sector 
within the Apulian platform, progressively increasing as 
the BDTs deepen eastwards, reaching maximum values 
of ca. 1800 MPa within the subducted plate. In the 
Macedonian sector of the transects, where the shallowest 
BDT occurs in the upper plate, the associated strengths 
are always between ~200 and ~300 MPa, with the higher 
values attained in correspondence to the depressed BDTs 
sector where the heat flow and the geothermal gradient are 
relatively lower (as discussed above).

As for the temperatures reached at the BDT, they are 
clearly dependent on the thermal distribution and on the 
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depth at which the BDTs occur (Figure 5b). For example, 
although the BDTs in the Apulian plate are relatively deep 
(ca. 30 km), the very low geothermal gradients cause the 
BDT temperatures to remain in the western sector of 
the transects just below 300 °C. On the other hand, in 
the central and eastern sectors, the combined effect of a 
shallower BDT with much higher geothermal gradients 
leads to comparable BDT temperatures ranging between 
210 and 300 °C. The only exception is represented by 
the easternmost sector in the area around Thessaloniki, 
where the increase in geothermal gradient overcomes the 
effect of the BDT shallowing, thus locally increasing the 
temperatures up to ca. 380 °C.

The southern set of transects (D, E, and F) is also very 
similar among them in terms of BDT depths (Figure 6a). 
Indeed, in the westernmost sector of offshore Peloponnesus, 
the BDT smoothly lies at ca. 40 km, within the mantle of 
the oceanic crust in the lower plate, and progressively 
deepens eastwards due to the bending of the African/
Ionian oceanic lithosphere undergoing subduction. Similar 

to the collisional setting, the upper plate is characterized 
by a shallow BDT laterally fading (WSW-wards) in 
correspondence to the Peloponnesus peninsula where the 
transition occurs in the upper crust at depths between 15 
and 20 km. A shallowing trend could be observed to the 
northeast up to minimum values of ca. 10 km in the Saronic 
Gulf and southwestern Attica, before a final deepening at 
the easternmost sector of the transects (eastern Attica), 
with depths of 12–17 km. For this set of transects, too, the 
role of the heat flow (Figure 4a) and geothermal gradient 
on the BDT depth is of primary relevance and very evident. 
Indeed, apart from the lithological differences with respect 
to the northern collisional setting, a deep BDT in the 
oceanic crust is also related to the very low temperatures 
characterizing the cold and old oceanic lithosphere at 
depth, while the progressive shallowing observed in the 
upper Aegean microplate is correlated to, and caused by, 
an increase in the heat flow as the Hellenic volcanic arc 
is crossed by transects D-E-F where the Aegean crust is 
thinned due to extension in the back-arc region.
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Figure 5. Results of the rheological modelling for the northern set of transects: a) BDT depth; b) temperature at the BDT depth; c) 
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As concerns the strength at the BDT along the southern 
transects (Figure 6c), the relative values fall between ca. 1.4 
and 1.5 GPa in the western offshore sector, where the BDT 
lies in the oceanic lithosphere, and tend to increase up to 
maximum values of almost 2.2 GPa as the BDT deepens 
along the subduction zone. In contrast, where the BDT 
occurs in the crust of the upper plate the corresponding 
strength is one order of magnitude lower (100–200 MPa), 
with minimum values observed in the sector characterized 
by the shallowest BDT depths (western Attica and Saronic 
Gulf). 

As for the temperature distribution at the BDT (Figure 
6b), the highest values are reached in the western sector 
within the oceanic lithosphere, where they range between 
520 and 530 °C, while within the crust of the Aegean 
microplate, the BDT temperatures are systematically lower, 
ranging between 260 and 300 °C, with a local peak of ca. 310 
°C attained in the easternmost points. Such low temperatures 
at the BDT of the upper plate are mainly caused by the 
generally shallow BDT and its lateral variations.

Along orthogonal profiles G and H, the BDT depth 
clearly follows markedly distinct trends (Figures 7a and 
8a). Transect G, lying entirely in a compressional tectonic 
setting, is characterized by BDT depths of 30–35 km in the 
northern sector offshore Corfu and Paxos islands, where 
the transition occurs in the deepest crustal layers of the 
upper continental plate. To the south the transect crosses 
the Cephalonia Transform Fault (at km 200), which is 
associated with an important out-of-plane (i.e. SW-wards) 
jump of the plate boundary with two further consequences: 
a sharp deepening (along the transect) of the Wadati–
Benioff plane and an abrupt lithological change as far as the 
lower plate is represented by the Ionian/Nubian oceanic 
lithosphere (Figure 3c). Accordingly, at the Cephalonia 
Transform Fault the BDT lies at depths greater than 50 km, 
rapidly shallowing southwards to depths of about 38 km 
before slightly deepening again to ca. 45 km. Along the H 
profile (Figure 8a), which entirely crosses the extensional 
realm of the internal Aegean region, the BDT always 
occurs in the upper plate at depths between 11 and 28 km, 
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Figure 6. Results of the rheological modelling for the southern set of transects: a) BDT depth; b) temperature at the BDT depth; c) 
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following a shallowing trend from the northwest (ca. 28 
km), at the border between Albania, North Macedonia, 
and Epirus, to the south-eastern termination (ca. 12 km) 
in the Argolikos Gulf. In the central sector south of the 
Corinth Gulf a local deepening to values of ca. 18 km is 
observed; the BDT depth variations for the H transect 
are mainly related to heat flow changes (Figure 4a), as it 
decreases from the northern end to the southern one, with 
some local (positive) oscillations, as it occurs close to the 
Corinth rift. 

As regards the associated BDT strength (Figures 7b 
and 8b), for the G profile, they are about 1 GPa in the 
continental crust north of the Cephalonia Transform 
Fault, while values of almost 2 GPa are locally attained 
in conjunction with the deepest BDT located within the 
subducting oceanic lithosphere. In contrast, along the 
H profile the values of strength are always much lower 
due to the shallower BDT and especially to the different 
tectonic regime. Indeed, it is well known since the findings 
of Sibson in the 1970s (e.g., Sibson, 1974) that the shear 
strength in compressional regimes is much higher than 
in extensional ones. Also, the generally larger heat flows 
of the eastern transect obviously contribute to this effect. 
Accordingly, the strength at the BDT in H ranges between 

ca. 300 MPa (at the northern end) and ca. 120 MPa (at the 
southern one), with only slight lateral variations. 

The trend of the BDT temperatures for transect G 
(Figure 7b) is characterized by values around 300 °C in the 
continental crust of the Apulian block (northern sector), 
sharply jumping to steady values of ca. 520–530 °C in the 
oceanic lithosphere south of the Cephalonia Transform 
Fault. The latter trend, which at least in the central-southern 
sector (km 210–260) seems to be uncorrelated with that 
of the BDT depths (Figure 7a), suggests once again the 
great influence that the geothermal gradient (Figure 4a) 
has on the resulting rheological behaviour and particularly 
on the ductile one. Indeed, given a fixed lithological and 
tectonic setting, which could be considered relatively 
homogeneous south of the Cephalonia Transform Fault, 
the main factor controlling the depth of the transition is 
temperature. Indeed, comparing Figures 7a and 7b, the 
temperature at the BDT is always around 520–530 °C, but 
the BDT depth is much greater close to the Cephalonia 
Transform Fault because those temperatures are only 
reached at greater depths due to the subduction process 
itself. Finally, along transect H, the BDT temperature 
shows only small variations between ca. 230 and 300 °C 
(Figure 8b), and also in this case no clear correlation with 
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Figure 7. Results of the rheological modelling for transect G: a) BDT depth; b) temperature at the BDT depth; c) strength at the BDT 
depth.
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the BDT depth could be observed at first glance, because 
of the interplay between lower/higher geothermal gradient 
(Figure 4a) and deeper/shallower BDT depths (Figure 8a). 
Those two factors, indeed, tend to compensate each other 
and, as a result, the BDT temperature remains almost 
constant, despite the BDT depth lateral changes.

6. Discussion and comparison with seismicity
In the following, the results presented in the previous 
section are discussed. In particular, the obtained BDT 
depth is compared with the vertical distribution of 
well recorded and possibly relocated seismicity. For the 
sake of simplicity, we are going to focus on profiles B 
(continental collision), E (oceanic subduction), and G 
and H (orthogonal transects, respectively belonging to 
the compressional and extensional tectonic settings). 
Along these profiles, the correlation with the seismicity 
distribution at depth is generally in good agreement with 
the rheological layering and in particular with the depth of 
the BDT as obtained in this research (Figure 9). As regards 
the seismicity data used in the comparison, we considered 
two different catalogues: the first one, from Kassaras et al. 
(2016), consists of relocated seismicity, and the second one 
mainly consists of events with Mw > 3, for which moment 

tensors have been calculated by the National Kapodistrian 
University of Athens. In the catalogue of Kassaras and co-
workers, covering a time span of 24 years (1989–2012), the 
seismicity is relocated through the application of relative 
relocation techniques such as HypoDD, which allows to 
substantially reduce the error of the hypocentral depth. 
In the NKUA catalogue of focal mechanisms (covered 
period 1995–2019) the good hypocentral depth resolution 
is guaranteed by the inversion procedures followed to 
determine the moment tensor solution for each event.

In the northern transect (B; Figure 5) and particularly 
in the western offshore sector, the BDT is never deeper than 
33 km, though it tends to rapidly deepen upon entering 
the collisional zone in correspondence to the coastal 
region east of Corfu Island. This behaviour is related to 
the continental nature of the crust of the undergoing plate 
and the associated intermediate/felsic typical lithologies 
(we selected quartzite and granulite for the upper and 
lower crust, respectively), which tend to yield at lower 
shear stresses (and therefore at minor confining pressure 
and depth) with respect to mafic lithotypes. In this brittle 
volume, however, no seismicity is recorded in either of 
the two used catalogues (Figure 9a). Such an absence 
of seismicity might be attributed to the lack of internal 
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Figure 8. Results of the rheological modelling for transect H: a) BDT depth; b) temperature at the BDT depth; c) strength at the BDT 
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deformation within the Apulian stable platform. Also, 
closer to the collisional front, the seismicity catalogues 
might be simply too short in terms of time coverage for 
recording long return period events, especially in regions 
characterized by low strain rates (e.g., Kreemer et al., 2014; 
Chousianitis et al., 2015).

As previously described, in mainland Greece and 
eastwards, the BDT ranges between 15 and 25 km and 
it is entirely within the crust of the Aegean microplate 
(Figure 9a), slightly deeper than what is observed for the 
corresponding central-eastern sectors of the southern 
profiles (Figure 9b). This difference is basically due to the 
lower heat flow characterizing Epirus and western Albania 
with respect to, for example, Attica and northeastern 
Peloponnesus (Figure 4a). The comparison between the 
BDT depth and the distribution at depth of the relocated 
seismicity (Figure 9a) shows very good agreement 
(Hatzfeld et al., 1995; Kassaras et al., 2016). The shallower 
BDT in the eastern sectors is also nicely consistent with 
the depth distribution of the Kozani-Grevena seismic 
sequence (mainshock and aftershocks) that occurred in 
1995 (e.g., Resor et al., 2005).

Regarding the southern transect (E; Figure 6), the 
relatively deep transition in the western 180–200 km is due 
to the oceanic nature of the crust and particularly to its old 

age (possibly Triassic; van Hinsbergen et al., 2005; Ring et 
al., 2010 and references therein). It is therefore cold and 
characterized by a low geothermal gradient; together with 
the resistant mafic lithologies, this can account for such 
a deep transition (almost 40 km) that conversely is not 
necessarily mirrored by a similarly deep seismicity, since 
the oceanic plate also retains a very high strength (Figure 
6c). Accordingly, the almost absent seismicity in the 
considered catalogues (Figure 9b) might be also explained 
by the lack of, or very poor, tectonic loading (i.e. not able 
to overcome the critical differential stress). Whatever 
the case, seismicity data from the NKUA catalogue show 
some events as deep as 35 km offshore southwestern 
Peloponnesus (Figure 9b), which are compatible with the 
results on the BDT depth given in this work.

The shallow BDT (15–20 km deep) east of Oichalia and 
Kalamata, Peloponnesus, which is related to the upward 
jump of the rheological transition from the down-going 
Ionian-African plate to the overriding Aegean plate, is 
also in good agreement with the seismicity distribution 
relocated by Kassaras et al. (2016: Figure 9b). In the back-
arc region corresponding to the central-eastern sector of 
the southern transects some deeper events are recorded at 
ca. 30 km in depth. These few and minor events (M ≤ 4), 
occurring where ductile deformation is expected by our 
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Figure 9. Comparison between the shallowest BDT (green dashed line) with the hypocentral distribution of well-located seismicity 
along transects B (a) and E (b), respectively. Red and blue circles are from Kassaras et al. (2016) and the National Kapodistrian 
University of Athens, respectively.
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modelling, are likely due to a local increase in pore fluid 
pressure leading to a remarkable decrease in brittle strength 
(Equation (1)), allowing brittle and potentially seismogenic 
behaviour to occur. This hypothesis is also supported by 
the fact that the difference between brittle and ductile 
behaviour (with the latter being theoretically greater than 
the former) at those depths, along the transect, is actually 
quite small (Figure 10b) in the back-arc region. Therefore, 
even a relatively limited decrease in brittle strength would 
be sufficient to exceed frictional resistance instead of keep 
deforming in a plastic and aseismic behaviour. The increase 
of pore fluid pressure in back-arc regions is effectively a 
common event, because of the continuous release of fluids 
produced by the slab dehydration, within the context of 
the subduction process. It should be noted, however, that 
such variations in fluid pressure likely occur on a small 
scale, making them not easily detectable and hence not 
reproducible in our modelling due to the coarser scale of 
observation. Additionally, such variations may be related 
to temporal fluctuations of the pore fluid pressure, and 
since we do not consider the time variable in our model, 
we are not able to include them in the modelling.

We would like to emphasize that some recorded 
seismicity deeper than the shallow BDT considered in 
this paper (Figure 9b) may be associated with a second 
deeper brittle (and hence potentially seismogenic) layer, 
for example in the intermediate-lower crust or in the 
uppermost mantle.

The occurrence of a second deeper brittle layer, 
below an interposed ductile one, is a feature that has also 
been inferred from magnetotelluric soundings and the 
reconstruction of electrical resistivity sections in the area 
around the Gulf of Corinth (Pham et al., 2000; Chouliaras 
et al., 1997). Of particular interest are the electrical 
resistivity sections proposed by Pham et al. (2000) for 
the eastern Gulf of Corinth on its northern side, which is 
characterized by a relatively comparable tectonic setting 
and structural evolution with respect to our study area. 
The electrical resistivity sections emphasize the presence 
of an interposed low-resistivity layer at depths between 
ca. 20 and 30 km, which is interpreted by the authors as 
a potential ductilely deforming layer. Accordingly, the 
occurrence of a high-resistivity (brittle) layer deeper 
than 30 km is in very good agreement with the modelled 
rheological stratification represented in Figure 10a. 

Either in the collisional and subduction settings 
(Figures 10a and 10b, respectively), deeper brittle layers/
volumes could be indeed recognized in the central-
eastern sectors of the transects at variable depths from 
30 to >80 km. Accordingly, these rock volumes may be 
potentially seismogenic as well, thus representing the 
source for the ‘deeper’ seismicity observed by Kassaras 
et al. (2016; Figure 9) and also by means of the receiver 

functions analysis of Sachpazi et al. (2016). Relative to this 
issue, the comparison between northern and southern 
transects allows to emphasize some major differences 
and peculiarities. Firstly, the upper plate in the northern 
transect (Figure 10a) is systematically characterized by a 
thicker ‘shallow’ brittle layer with respect to the southern 
transect (Figure 10b).

Secondly, in the northern transect, a second continuous, 
10- to 18-km-thick brittle layer is observed at depths of 30–
40 km within the upper mantle of the Aegean microplate 
underlying the shallow BDT. With the exception of a small 
volume underlying Attica there is no such evidence in the 
southern profile.

Thirdly, in both settings just above the Wadati–Benioff 
plane, rock volumes characterized by brittle behaviour result 
from the rheological modelling. They are likely due to the 
combined effect of the strong thermal cooling induced by 
the subducting slab, the confining pressure, and lithology. 
Differences in the latter parameter between the two profiles 
(Figure 3) explain the different location of these volumes.

Fourthly, in the western sector within the undergoing 
plate, a second 20- to 25-km-thick continuous brittle layer 
exists within the collisional setting (northern transect), 
separated from the shallow one by a ductile layer a few 
kilometres thick, while only a unique thick brittle layer 
occurs in the southern profile (Figure 10).

It is worth mentioning that we did not model the 
lithological variations (for example, due to the intense rock 
fracturing and mixing up) or the local pore fluid pressure 
increase and hence the mechanical weakening likely 
occurring within the shear zone associated with the basal 
detachment delimiting the accretionary wedge (red line in 
Figure 10). This could potentially represent an additional 
rheological transition characterizing the western sector of 
the investigated area.

Also, as concerns longitudinal profiles G and H, a 
generally good consistency between the modelling results 
and the seismicity data could be observed (Figure 11). 
In particular, profile G seems to perfectly fit all along the 
projected seismicity from the NKUA moment tensors 
catalogue and the relocated seismicity of Kassaras et al. 
(2016). Transect H (Figure 11b) is in a geodynamically more 
internal position, closer to the volcanic arc and with higher 
heat flow; it is thus characterized by a thinner brittle layer,  
which is nicely mimicked by the seismicity distributions 
of Hatzfeld et al. (1995), Ganas et al. (2012), Kassaras et al. 
(2016), Mesimeri and Karakostas (2018), and the NKUA 
moment tensors catalogue. Only a few events occur much 
deeper than the shallow BDT, between the Corinth Rift 
and the Argolikos Gulf, and they are possibly related to 
local increases in pore fluid pressure or very small-scale 
rheological heterogeneities as previously discussed (Figure 
10).
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7. Seismotectonic inferences
In this section we exploit the results obtained from the 
rheological modelling for seismotectonics purposes 
and for possibly contributing to the improvement of 
the seismic hazard assessment of the broader Aegean 
Region. In particular, the obtained depth of the BDT is 
used as a constraint to determine, independently of other 
sources of data, the geometrical (width and secondarily 
length) characteristics of the seismogenic sources 
(Caputo et al., 2012) crossed by the transects. In other 
words, the rheological modelling and the reconstructed 
‘shallow’ BDT depth allow to define the seismogenic layer 
thickness and therefore also to constrain the maximum 
credible magnitude. The selected sources are the Offshore 
Central Corfu Thrust (GRCS610 in GreDaSS; Caputo 
and Pavlides, 2013) and the Palaeochori Fault (GRIS050) 
across transect B, and the Kalamata Fault (GRCS562) 
and the Fili Fault (GRIS450) across transect E. The last 
three seismogenic sources are close to highly inhabited 
areas (Kozani, Kalamata, and Athens) and have been also 
recently reactivated (respectively, the Kozani-Grevena 

earthquake, 1995; Kalamata earthquake, 1986; and Athens 
earthquake, 1999). The Offshore Central Corfu Thrust is 
instead characterized by a lower rate of seismicity and no 
recorded events are known to have occurred in historical 
times.

In order to carry out the seismotectonic analysis, several 
steps have been followed for each selected seismogenic 
source: i) the BDT depth has been extracted from the 
rheological model; ii) based on the dip angle (taken from 
literature data and GreDaSS; Caputo and Pavlides, 2013), 
the fault width has been calculated; iii) using a length/
width ratio equal to 2, the length has also been calculated; 
iv) applying the empirical relationships of Wells and 
Coppersmith (1994), the maximum expected magnitude 
has then been estimated; v) when available, the obtained 
results have been compared with seismological data (recent 
seismic sequences, magnitude of the mainshock, depth 
distribution of the aftershocks). As concerns the use of the 
empirical relationships, either the width versus magnitude, 
the surface area versus magnitude, or the length versus 
magnitude have been applied and then averaged.
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Figure 10. Distribution of brittle and ductile volumes and layers along transects B (a) and E (b), as indicated by the differential strength 
(brittle minus ductile strength). Blue and red correspond to dominantly brittle and ductile behaviour, respectively, while the whitish 
colour corresponds to differential strength values close to 0, therefore emphasizing the occurrence of a brittle-ductile transition. The 
shallowest BDT is marked as a dashed black line.
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All the results are shown in Table 2 and the relationships 
between BDT, geometry of the faults, seismicity, and 
maximum magnitudes are displayed in Figure 12. The 
compressional tectonic setting affected by the Offshore 
Central Corfu Thrust (western sector of transect B) is 
characterized by a low-moderate rate of seismicity with 
respect to neighbouring regions as, for example, the 
Cephalonia Transform Fault area and the Corinth Gulf 
(e.g., Papazachos, 1999; Makropoulos et al., 2012). In 
this geological and geodynamic context, however, some 
additional factors should be considered when determining 
the seismogenic layer thickness for the purposes of 
seismotectonic modelling and seismic hazard assessment. 
In fact, even though the BDT in this region occurs at depths 
of about 40 km (or even deeper; Figure 12), the principal 
seismogenic sources affecting this region are likely within 
the accretionary wedge; that is to say, they are delimited 
down-dip by the mechanical interface (i.e. detachment 
surface) separating the two plates. It is indeed reasonable 
to envisage that the main active tectonic structures are 
connected at depth to the major decollement surface, 
which may localize deformation and shear, possibly also 
in an aseismic fashion. Accordingly, the main seismogenic 
sources are unlikely to crosscut the plate interface and the 
seismogenic layer thickness is in practice determined by 
the main detachment itself, provided that the rheological 
BDT is at least as deep as the plate interface. Given these 

premises, the seismogenic layer thickness for the Central 
Offshore Corfu Thrust seismogenic source actually 
corresponds to the depth of the plate interface, which in 
the region offshore Corfu is at about 20 km (Figure 12a). 
Considering such a thickness and an average dip angle 
of 40° to 45°, a maximum expected magnitude of 7.0–7.2 
is obtained. As a reference due to a similar geodynamic 
setting, though further north with respect to Corfu Island, 
the Montenegro 1979 earthquake was characterized by a 
7.1 magnitude (Boore et al., 1981; Benetatos and Kiratzi, 
2006).

The Palaeochori Fault lies instead in the central-
eastern portion of transect B, where the tectonic regime 
is purely extensional and the slip-rate on the normal 
fault is estimated to be about 0.3 mm/a (Doutsos and 
Koukouvelas, 1998). An Mw = 6.7–6.8 earthquake struck 
the area around Kozani-Grevena in 1995, for which the 
Palaeochori Fault is considered as the causative fault 
(Resor et al., 2005). Aftershocks are distributed down to 
depths of ca. 15–16 km (Rigo et al., 2004; Resor et al., 
2005), which are consistent with the BDT depth obtained 
in our rheological modelling (ca. 19–20 km; Figure 12a). 
Following the procedure described above, the estimated 
maximum possible magnitude is 6.8–6.9, which is 
perfectly compatible with the 1995 earthquake. The small 
discrepancy is likely due to the fact that this event did 
not produce clear surface ruptures and the associated 
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aftershocks did not occur any shallower than 4 km (Resor 
et al., 2005), thus suggesting that the coseismic rupture did 
not propagate across the entire seismogenic layer thickness 
(in contrast with the assumption of our estimates).

As regards the Kalamata Fault, this lies on the central 
sector of transect E, where the Mw = 5.8 Kalamata 
earthquake occurred. The tectonic regime of the region 
is characterized by WSW-ENE directed extension, almost 
perpendicular to the strike of the source and the maximum 
depth extent of the recorded seismicity reaches down to 

12–15 km (Lyon-Caen, 1988; Kassaras et al., 2014). Also 
in this case the seismological data are in agreement with 
the BDT depth obtained from the rheological modelling, 
which is about 16 km (Figure 12b). Accordingly, the 
estimated maximum expected magnitude indicates values 
around 6.7–6.8, which is consistent with that suggested in 
GreDaSS (~6.7; Caputo and Pavlides, 2013).

Finally, the Fili Fault is located close to the eastern 
termination of transect E, in the Attica region near Athens. 
This tectonic structure is a NW-SE trending normal fault, 

Table 2. List of parameters derived from the rheological modelling (BDT depth) and the inferred Mmax based on the 
geometrical information from GreDaSS (Caputo and Pavlides, 2013) and applying different empirical relationships (Wells 
and Coppersmith, 1994). See text for discussion.

BDT depth 
[km] Dip Width 

[km]
Length
[km] Mmax_W Mmax_L Mmax_RA

Central Offshore Corfu Thrust 20 40–45° 28 56 7.2 7 7.2
Palaeochori Fault 19 65° 21 42 6.8 6.8 6.9
Kalamata Fault 16 60° 18 37 6.7 6.8 6.8
Fili Fault 11 60° 12 25 6.3 6.4 6.5
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Figure 12. Sketch of some selected seismogenic sources (from GreDaSS; Caputo et al., 2012) crossed by transects B (a) and E 
(b). For each source the possible maximum dimensions constrained by the BDT depth obtained with the rheological modelling 
and the corresponding maximum expected magnitude are indicated. COCT = Central Offshore Corfu Thrust; PF = Palaeochori 
Fault (Kozani-Grevena region); KF = Kalamata Fault; FF = Fili fault.
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dipping SW with an average angle of 55° to 60° (Caputo et 
al., 2012), and it is considered as the source for the 1999 
Mw = 6.0 Athens earthquake (Papadimitriou et al., 2002; 
Papadopoulos et al., 2002; Ganas et al., 2004). The BDT 
in this region is quite shallow, with an average depth of 
11–12 km (Figure 12b), consistent with the focal depth, 
determined at 8 km, and the aftershocks not recorded below 
11 km (Voulgaris et al., 2001). The maximum expected 
magnitude obtained on the basis of the rheological BDT is 
6.3–6.5, which is slightly greater than the value of the 1999 
mainshock. Also in this case, however, it must be taken 
into account that the rupture only propagated upwards to 
depths as shallow as 3 km, and therefore the maximum 
potential magnitude associated with the Fili Fault could be 
greater in the case of rupture propagation across the entire 
seismogenic layer.

8. Concluding remarks
Based on a systematic analysis of the available literature 
data (relative to the principal parameters playing a role in 
rheological modelling) and exploiting some well-known 
equations (Equations (1)–(3)), which allow to determine 
the prevailing bulk behaviour (brittle versus ductile) of 
rocks, it was possible to reconstruct numerous, closely 
spaced (ca. 10 km), 1D vertical rheological profiles aligned 
along several transects across the Hellenides, the Hellenic 
Arc, and the Aegean region. Numerical modelling has been 
performed by means of purposely generated MATLAB 
codes, enabling to calculate at 100-m steps the temperature 
and strength of rocks in a stratified lithosphere. The 
vertical information independently obtained for each 
site was then laterally interpolated along the transects for 
reconstructing 430- to 450-km-long pseudo-2D sections 
(Figures 5–8).

In order to compare the different tectonic regimes 
and geodynamic settings affecting the investigated area, 
we performed two sets of parallel transects crossing 
the collisional belt (Albania-Northern Greece) and the 
subduction zone (Southern Ionian Sea-Peloponnesus), 
respectively north and south of the Cephalonia Transform 
Fault (Figure 1). For better constraining the interpretation 
of the results and thus facilitating the overall analysis, we 
also reconstructed two longitudinal transects mutually 
crossing the perpendicular ones.

The results of the numerical modelling allow to 
determine, for each vertical log and hence laterally along 
the transects, the depth at which the brittle-ductile 
transition occurs (graphs (a) in Figures 5–8). For the aims 
of this paper and as discussed in a previous section, in the 
event that more than one rheological transition occurred, 
we selected the shallowest one when at least a 500-m-thick 
ductile layer separates the two brittle layers. Accordingly, 
the shallow BDT allows to define the seismogenic layer 
thickness, which is crucial for seismotectonic analyses.

Overall, the results presented in this paper support the 
following major conclusions. Firstly, the seismogenic layer 
thickness, reconstructed along several transects traced 
across the Aegean region and affecting different tectonic 
regimes, shows significant lateral variations. Indeed, the 
depth of the mechanical boundary (including topography/
bathymetry) is basically shallower than ca. 20 km in the 
Aegean microplate, and locally as shallow as 10–12 km in 
some inner sectors, like central-western Macedonia and the 
South Aegean Sea (transects D, E, F, and H; Figures 6a and 
7a). In contrast, it is systematically deeper in the Nubian 
plate, where it ranges at 30–35 km in depth in the Apulian 
block (transects A, B, and C; Figure 5a), and steadily at 
ca. 40 km within the oceanic lithosphere (transects D, E, 
and F; Figure 6a). It should be also mentioned that where 
the subducting plate starts bending and dipping E-NE-
wards, the BDT progressively deepens for several tens of 
kilometres (Figure 10).

In terms of seismotectonic behaviour, it should be 
also considered that the apparently thick seismogenic 
layer characterizing the lower plate is likely vertically 
partitioned by the occurrence of the basal detachment of 
the continental and oceanic accretionary wedges (Figures 
5a and 6a), continuing down-dip into the Wadati–Benioff 
plane (Figure 3). This major tectonic shear zone, especially 
in its upper part, certainly consists of very weak sediments 
and rocks with a high pore fluid pressure (e.g., Davis et 
al., 1983; Mouchet and Mitchell, 1989; Fertl et al., 1994; 
Saffer and Tobin, 2011; Suppe, 2014) that mechanically 
hinder the stress transmission across it. Accordingly, 
seismogenic ruptures are likely vertically confined also by 
this important tectonic feature.

A further major conclusion obtained from the 
numerical modelling is represented by the recognition 
and geometrical characterization of lithospheric volumes, 
and even laterally continuous bodies, occurring well 
below the shallow seismogenic layer, but still behaving 
brittlely (Figure 10). In principle, when critical stresses 
here are exceeded, these rock volumes could also generate 
seismic events. However, their importance in terms of 
seismic hazard is relatively limited because the possible 
hypocentres are deeper (and hence both geometric and 
intrinsic attenuation of the released seismic waves would 
be greater) and the associated magnitudes are likely 
reduced due to the generally limited dimensions of these 
volumes.

By comparing our results, and particularly the 
reconstructed brittle layers, with the seismicity distribution 
provided by catalogues with well-located events (Kassaras 
et al., 2016; NKUA, 2019) and other papers investigating 
local seismic sequences (Hatzfeld et al., 1995; Resor et 
al., 2005; Ganas et al., 2012; Mesimeri et al., 2018), the 
validity of the rheological modelling as a tool for defining 
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and constraining seismogenic volumes is fully confirmed 
(Figures 9 and 11). In particular, the choice to consider 
the shallow BDT as a proxy for crustal seismogenesis 
seems basically correct. Indeed, the few exceptions of 
earthquakes occurring outside the seismogenic layer are 
represented only by small magnitude events reasonably 
explained in terms of local and/or temporal increases of 
the pore fluid pressure in particular geodynamic settings. 
On one hand, these small-scale space variations could be 
not considered due to the coarser resolution of our model, 
while the time changes are a priori excluded because of the 
time-independent approach we used.

Finally, the most important conclusion of this research 
is probably represented by the crucial inference obtained 
in terms of seismic hazard assessment and particularly 
relative to the maximum possible earthquake that a 
seismogenic source could release. We carried out this 
exercise for selected major active faults crossing the 
investigated transects (Figure 1) and affecting different 
tectonic regimes and geodynamic settings (Figure 
12). The obtained inferences based on the rheological 
modelling are in all cases consistent with independent 
seismotectonic reviews, as reported in GreDaSS (Caputo 

et al., 2012; Caputo and Pavlides, 2013), and seismological 
data associated with recent earthquakes (1986 Kalamata, 
1995 Kozani-Grevena, and 1999 Athens events). The 
slight, though systematic, larger values inferred by our 
model could be due to the more conservative approach 
based on the assumption that the entire fault surface could 
rupture at once (from BDT to Earth’s surface). Obviously, 
magnitudes recorded for recent events could be smaller 
due to the partial coseismic rupture, either upwards (no 
linear morphogenic events; Caputo, 2005) or downwards.

As a final statement, we conclude that if particular care 
is devoted to the collection of the relevant parameters, 
rheological modelling could represent a powerful tool for 
characterizing wide regions in terms of seismotectonic 
behaviour, thus contributing to perform better seismic 
hazard assessment analyses.
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